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A B S T R A C T   

While long-term interactions of magma with carbonate wall-rock (a.k.a. carbonate assimilation) are well-studied, 
only recently some experimental studies focused on short-term interactions (seconds to minutes) at magma 
chamber conditions (0.5 GPa and 1200 ◦C). They have shown that carbonate assimilation can effectively release 
CO2 and dissolve the ingested clast in syn-eruptive timescales. Carbonate wall-rock xenoliths in eruptive products 
can hence be seen as proof of even shallower ingestion (i.e., within the feeding dyke). To study these shallower 
interactions, we performed 66 experiments at atmospheric pressure (i.e., at the second endmember of the vol
canic feeding system) and at 950–1230 ◦C with varying melt compositions and limestone compositions. 
Decarbonation was found to be mainly dependent on temperature and limestone composition while clast 
dissolution is largely dependent on magma composition, temperature, pressure and interaction time. In natural 
systems during magma ascent and with increasing quantities of assimilated wall-rock, the magma temperature 
would steadily decrease, limiting its own decarbonation and assimilation ability. But even in the 950 ◦C-ex
periments decarbonation (i.e., CO2 release) remained a syn-eruptive process. We subsequently discussed the 
limits of carbonate assimilation as well as the potential effect of syn-eruptive addition of CO2 to the magmatic 
mixture on magma ascent and eruption dynamics.   

1. Introduction 

The interaction of magma with wall-rock is an unavoidable process 
during its ascent from the magma chamber to Earth’s surface. The 
interaction with wall-rocks that can release volatile phases (i.e., mainly 
H2O from sedimentary rocks or CO2 from limestones) is of particular 
interest, since they might significantly alter eruption dynamics (Dallai 
et al., 2011; Freda et al., 2011; Pappalardo et al., 2018). The release of 
additional volatiles might even be the cause for the transition of effusive 
to explosive eruptive behaviour (Freda et al., 2011). Examples of 
geological settings where volcanoes sit on limestone or sedimentary 
basements include volcanoes like Colli Albani (di Rocco et al., 2012; 
Cross et al., 2014), El Hierro (Troll et al., 2012b), Merapi (Deegan et al., 
2010; Troll et al., 2012a; Blythe et al., 2015), Pacaya (Janik et al., 1992), 

Popocatepetl (Goff et al., 2001), and Somma-Vesuvius (del Moro et al., 
2001; Dallai et al., 2011; Jolis et al., 2013). 

In general, the interaction between magma and wall-rocks may 
happen on two distinctive timescales: i) long-term interactions (lasting 
hours or more), which mostly occur in the deeper magmatic storage 
zone (i.e., sills or magma chambers with P > 0.2 GPa) as contact 
metamorphism, and ii) short-term interactions (lasting seconds to tens 
of minutes), correlating to magma ascent times (e.g., Costa et al., 
2009b), which might occur in deeper storage zone settings as well as in 
shallower settings (i.e., within the feeding dyke or conduit with P < 0.2 
GPa). Long-term magma‑carbonate interaction (or carbonate assimila
tion) at the magma chamber level (i.e., P > 0.2 GPa) is already well- 
studied from many different angles, including experimentally, through 
rock and mineral geochemistry and through gas geochemistry (e.g., 
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Chadwick et al., 2007; Iacono-Marziano et al., 2007, 2008, 2009; Freda 
et al., 2008; Mollo et al., 2010; Dallai et al., 2011; Troll et al., 2012a; 
Gozzi et al., 2014; Carter and Dasgupta, 2015, 2016; Whitley et al., 
2019; Buono et al., 2020; Morris and Canil, 2022). Inversely, experi
mental studies on short-term carbonate assimilation are very limited but 
confirm how carbonate assimilation can be a syn-eruptive process at 
experimental p-T-conditions that are reflecting magma chamber condi
tions (1200 ◦C, 0.5–1 GPa; Deegan et al., 2010; Jolis et al., 2013; Blythe 
et al., 2015). Besides one study of Deegan et al. (2022) on magma-shale 
interactions (which included a large carbonate component) at 0.15 GPa 
no experimental data is available for shallower conditions (P < 0.5 GPa). 
While Deegan et al. (2010) and Jolis et al. (2013) were focussing on 
understanding the processes of magma‑carbonate interactions at a 
distinct volcanic setting (Merapi and Somma-Vesuvius, respectively), 
Blythe et al. (2015) found, by comparing the results of the previous two, 
that melt viscosity might be the main controlling factor on carbonate 
assimilation rate. Deegan et al. (2022) found in the magma-shale ex
periments evidence for CO2 release and fast chemical dissolution of the 
carbonate component of the shale into the magma. Carter and Dasgupta 
(2016) came to a similar conclusion from their longer duration experi
ments (24–96 h) with andesitic, dacitic, and rhyolitic starting materials. 
Iacono-Marziano et al. (2008) have shown that up to 20 wt% of lime
stones are dissolvable in hydrous basaltic melts (at 1050–1150 ◦C). 
Hence, from a geochemical standpoint, carbonate assimilation can serve 
as source for massive CO2 production, which affects magma ascent and 
eruption dynamics. 

To describe magma‑carbonate interactions more precisely, we will 
follow the nomenclature introduced in Knuever et al. (2022), where the 
carbonate assimilation process is subdivided into three observable pro
cesses: i) the ingestion, which describes only the physico-mechanical 
process of entrainment of the clast into a magmatic body (by abrasion 
or erosion), ii) the decarbonation, which describes only the thermal 
decomposition due to heating above the crystallographic stability and 
the subsequent release of CO2, and iii) the digestion or dissolution, 
which should refer to the chemical dissolution of the ingested clast via 
diffusive transport of Ca (± Mg) into the melt. Finally, assimilation will 
be used to describe the complete mechanical and chemical destruction 
of the carbonate xenoliths (i.e., when all the before mentioned processes 
are involved or concluded). 

Very short decarbonation timescales have been inferred in several 
studies from thermal re-equilibration experiments or modelling (Sottili 
et al., 2010; Freda et al., 2011; Buono et al., 2020; Carr et al., 2020). 
Thermal re-equilibration to magmatic temperatures and hence to tem
peratures above the crystallographic stability of limestones (T >
~850 ◦C for a Ca-rich limestone; Olszak-Humienik and Jablonski, 
2015), are in the order of fractions of seconds to fractions of hours, 
depending on initial carbonate temperature and clast size. As an 
example, a 1 cm-radius spherical carbonate clast that is ingested in a 
magma at 1050 ◦C reaches 850 ◦C at the rim after some seconds and at 
the core in less than one minute, for a carbonate starting temperature of 
300 ◦C (Buono et al., 2020). Experimentally, Escardino et al. (2008) 
found that thermal decomposition timescales of calcite powders (with 
particle sizes below 300 μm) decreased from 210 s to around 60 s after 
increasing the temperature from 850 ◦C to 950 ◦C. 

Numerical models (Costa et al., 2007, 2009b; Massaro et al., 2018, 
2019) have shown how the geometry of the feeding system of a volcano 
during an eruption is variable as a function of magma overpressure, 
elastic deformation of wall-rocks, and spalling and erosion around the 
fragmentation level. This dynamic behaviour is prone to favour wall 
rock entrapment into the ascending magma, triggering thermo- 
metamorphic reactions that may alter the eruptive dynamics. This is 
particularly true when the entrapped rocks are carbonates, whose 
thermo-metamorphism releases CO2 as a volatile phase. CO2 solubility 
at these shallow depths (i.e., P < 0.2 GPa) is extremely low for all kinds 
of magmas (e.g., Blank and Brooker, 1994; Thibault and Holloway, 
1994; Lowenstern, 2001; Papale et al., 2006). Therefore, interactions of 

magma with shallow crustal carbonates promote the formation of a free 
CO2 vapour phase since re-dissolution of CO2 into the magma is highly 
unlikely at shallow crustal levels (Holloway and Blank, 1994; Troll et al., 
2012a). Thus, in shallow syn-eruptive settings (i.e., P < 0.2 GPa and 
interaction timescales from seconds to tens of minutes), the focus needs 
to lie on the identification of decarbonation and clast dissolution rate of 
(ingested) carbonate wall-rocks, since the addition of volatile phases 
might ultimately increase eruption explosivity (Botcharnikov et al., 
2005; Deegan et al., 2010). In nature the assimilation of wall-rocks will 
lead to a cooling of the magma, which induces (or accelerates) crystal
lization. If a magma reaches the critical crystal cargo fraction of ~50% it 
will not be able to further assimilate wall-rocks and/or magma ascent 
might cease. Glazner (2007) has described this thermal self-limiting 
effect of wall-rock assimilation in a study on granitic rocks which are 
entrapped in a basaltic magma. On the other hand, Carr et al. (2018), for 
example, found that adding as few as 1000 ppm of CO2 to a portion of 
the magma at storage depth might be enough to cause local over
pressurization of the magmatic mixture, which indicates that also low 
amounts of assimilated carbonate wall-rock might be sufficient to in
crease eruption explosivity. Numerical modelling of the effect of volatile 
phases on magma ascent dynamics of basaltic explosive eruptions shows 
that the addition of CO2 from an external source (such as carbonate wall- 
rocks) and the resulting increase in the driving pressure causes a strong 
increase of mass eruption rate (La Spina et al., 2022). Despite the 
importance of syn-eruptive addition of volatiles via wall-rock decar
bonation for eruption dynamics, a systematic investigation of decar
bonation and clast dissolution timescales as well as their controlling 
parameters has not been conducted yet for extremely shallow or near- 
surface short-term magma carbonate interactions (i.e., at atmospheric 
pressure). 

In this paper, we present such a systematic investigation on the in
fluence of various parameters (including temperature, limestone, and 
magma composition) on syn-eruptive carbonate assimilation at atmo
spheric pressure, accounting for the upper endmember of the volcanic 
feeding system. While providing valuable insights in the carbonate 
assimilation process it needs to be noted that experiments at atmo
spheric pressure cannot reproduce pressure regimes experienced by 
natural samples during magma ascent. In previous studies a pressure 
representative of magma chamber levels (0.5 GPa = ~14 km depth) was 
applied, with the notable exception of Deegan et al. (2022) that did 
magma-shale (with a carbonate component) interaction experiments at 
0.15 GPa. By comparing the results of all experimental approaches, we 
were able to qualitatively extrapolate the conditions and outcomes of 
magma carbonate interactions throughout the whole shallow volcanic 
feeding system, from magma chamber to Earth’s surface. This enables a 
qualitative description of the syn-eruptive decarbonation of ingested 
carbonate-bearing wall-rocks and its controlling parameters throughout 
the whole volcanic feeding system and how this interaction within the 
feeding dyke of an eruption will influence the eruptive behaviour. 

2. Methodology 

2.1. Starting materials 

The magma for most of the experiments was obtained from phono
litic grey pumice samples from the Pomici di Avellino eruption of Mt. 
Somma-Vesuvius without limestone xenolith content (EU3 base; Sulpi
zio et al., 2010). The samples were taken from the Traianello quarry 
(Somma-Vesuviana), denoted as Site B in Sulpizio et al. (2010). To 
evaluate the effect of magma composition on short-term magma‑car
bonate interaction, additional experiments with a basalt from the 2002 
lava flow of Mt. Etna (Musu et al., 2021), and a shoshonite (K-rich 
basaltic andesite) from Vulcano Island (Italy; Vetere et al., 2007, 2011, 
2013, 2015b; Pisello et al., 2022b) were conducted. These rocks were 
milled down to grain sizes lower than 200 μm at the Petro-Volcanology 
Research Group (PVRG) laboratory of the University of Perugia. The 
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powders were subsequently melted by utilizing a Nabertherm HT 04/17 
furnace in air at supra-liquidus temperature (1400 ◦C). The melting time 
was set to 4 h, after which the melt was quenched to a glass (quenching 
rate was >105 K/h). Each glass was then re-crushed and milled and the 
melting-quenching procedure was repeated identically to obtain chem
ically homogeneous glasses (see Vetere et al., 2015a & Pisello et al., 
2022a for further details on the glass preparation procedure). 

Furthermore, to investigate the effect of limestone composition and 
texture, two Ca-rich limestones, a dense one (denoted Cd) and a 
microporous one (denoted Cmp), and a dolomitic (denoted D) limestone 
were used in the experiments (chemical compositions in Table 1). The 
dense Ca-rich limestone is from the Mesozoic carbonate relieves east of 
Somma-Vesuvius (Scandone et al., 1991). The microporous Ca-rich 
limestone is of the Scaglia Bianca Formation near Furlo (Central Apen
nines, Italy; Cosentino et al., 2010). The Mg-rich dolomitic limestone is 
from the Apulian carbonate platform near Polignano a Mare (Puglia, 
Southern Italy; Andriani and Walsh, 2007). While both Ca-rich lime
stones are macroscopically and microscopically homogeneous, the 
dolomitic limestone is heterogeneous (lighter and darker areas) and has 
even some fractures filled with calcite crystals (Fig. 1). For the experi
ments, the limestone clasts were cut into square cuboidal pieces (ca. 5 
mm x ca. 5 mm x ca. 10 mm), corresponding to a weight of 0.7–1.0 g. We 
will refer to them as “large” clast size (LC). To investigate the effect of a 
smaller clast size (and therefore larger surface to volume ratio), some 
samples were cut in smaller cubic pieces (ca. 5 mm x ca. 5 mm x ca. 5 
mm), corresponding to a weight of 0.4–0.7 g, which will be referred to as 
“small” clast size (SC). 

The whole rock chemical composition for all starting materials is 
derived by X-ray fluorescence (XRF) analysis at the Department of Earth 
and Geoenvironmental Sciences of the University of Bari and is given in 
Table 1. 

Despite the differences in texture and composition the theoretical 
maximum of volatile phases (mainly CO2) that can be released (in wt%) 
from all three limestones is similar: for the dense Ca-rich limestone it is 
43.73%; for the microporous Ca-rich limestone 43.38%; for the dolo
mitic limestone 46.60% (Table 1). 

2.2. Experimental procedure 

The experiments are designed to represent syn-eruptive magma 
carbonate interactions at the upper endmember of the volcanic feeding 
system. Therefore, we chose a relatively simple experimental set-up, in 
which the limestone clasts were ingested into a melt at atmospheric 
pressure in open ceramic crucibles (Al2O3-crucibles). The experiments 
were performed in a Nabertherm HT 04/17 furnace at the Department of 
Physics and Geology at the University of Perugia and the experimental 
procedure was carried out in the following steps:  

(1) The ceramic crucibles were weighed empty and filled with 7–8 g 
of the pre-prepared dry glasses from the starting materials. The 
limestone clasts were weighed and assigned to a distinct ceramic 

crucible (Fig. 2A). The combined weight of glass shards, ceramic 
crucible and limestone clast is noted.  

(2) The ceramic crucible with the glass shards was heated in the 
furnace up to 1400 ◦C and remained there for around 30 min to 
melt the glass and remove any residual amounts of H2O or other 
volatiles (visible bubbles). Afterwards it was quenched at room 
temperature (to prevent crystals to form) and weighed again 
(Fig. 2B). If the weight of ceramic crucible and glass differs from 
the weight before, we repeated this step until the weight stayed 
the same (± 0.002 g).  

(3) After this initial check, we started the experimental procedure, by 
putting the ceramic crucibles (with the glass inside) into the 
furnace at 1230 ◦C. The crucibles were left there for 15–20 min to 
guarantee an equal distribution of temperature throughout the 
whole sample.  

(4) The ceramic crucible was removed from the furnace and placed 
on heat resistance plate. The limestone clasts (previously 
weighed) were pushed into the melt with a pair of pliers (Fig. 2C). 
This step needs to be performed as quick as possible to prevent an 
increase in viscosity of the melt which makes it impossible to 
push the clast in.  

(5) After pushing the limestone clast into the melt, the samples were 
quenched at room temperature and weighed again (Fig. 2D). The 
weight loss measured now, called initial weight loss, is due to the 
limestone clast already decomposing and releasing some CO2 
(Table 3). Since clast ingestion at 950 ◦C is not feasible due to the 
high melt viscosity, we inserted the carbonate clast for all sam
ples at 1230 ◦C. After insertion, we quenched them, subtracted 
the initial weight loss from the whole CO2 budget, and then 
conducted the experimental runs in the furnace at the experi
mental temperature. In this way, the experiments at 950 ◦C and 
1230 ◦C are comparable. The initial weight loss is noted but not 
regarded in the following analysis. For the analysis we considered 
only the weight loss from the experimental runs (Step 6).  

(6) The experimental runs: the furnace is set to the experimental 
temperature (950 ◦C or 1230 ◦C). After at least 15 min at this 
temperature, we put the cold ceramic crucible (with glass and 
carbonate clast inside) into the furnace for the planned experi
mental duration (60–1800 s). The opening of the furnace door 
causes a small temperature drop and the experimental dwell time 
is counted only after re-equilibrating to the experimental tem
perature (in our case: ~25 s for the 1230 ◦C runs and ~ 5 s for the 
950 ◦C runs).  

(7) As soon as the experimental runtime expired, the samples were 
taken out of the furnace and rapidly quenched at room temper
ature to prevent crystal formation (Fig. 2E).  

(8) After cooling to room temperature, the samples are weighed 
again (Fig. 2F). The measured weight is subtracted from the 
measured weight after clast ingestion (i.e., after Step 5) to ac
count only for the weight loss that occurred during the experi
mental run. This weight loss of the experimental run was then 
compared to the weight of the CO2 still present in the limestone 

Table 1 
Chemical compositions (in wt%) of the starting materials derived by XRF - Analysis. *) total iron content: FeO(tot) = Fe2O3 + FeO, **) LOI = loss of ignition: volatile 
content of material (here: mainly CO2 content in limestones), ***) melt viscosities at 1230 ◦C (and 950 ◦C for VP) derived via the model of Giordano et al. (2008).  

Chemical compositions of Limestones and Glasses  

SiO2 TiO2 Al2O3 FeO (tot)* MnO MgO CaO Na2O K2O P2O5 LOI** Total log η1230◦C [Pa*s]*** 

Dolomitic Limestone (D) 0.15 0.00 0.08 0.06 0.00 18.78 34.32 0.00 0.01 0.00 46.60 100.00 – 
Ca-rich Limestone (Cd) 0.20 0.00 0.08 0.03 0.00 0.44 55.46 0.02 0.02 0.00 43.73 99.98 – 
Ca-rich Limestone (Cmp) 0.84 0.01 0.22 0.13 0.03 0.46 54.82 0.02 0.11 0.00 43.38 100.02 –            

VP log η950◦C: 6.82 
Vesuvius Phonolite (VP) 55.63 0.31 21.85 3.07 0.00 0.09 4.46 5.57 8.23 0.00 – 99.21 3.85 
Vulcano Shoshonite (VS) 53.33 0.65 15.29 7.63 0.16 4.15 7.76 5.08 3.04 0.50 – 97.59 2.34 
Etna Basalt (EB) 47.70 1.70 16.15 10.18 0.18 6.27 10.77 3.39 1.95 0.52 – 98.81 1.55  
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clast (i.e., the weight loss from Step 5 has been subtracted). 
Finally, we normalised the weight loss percentage to a value 
between 0 and 1, where 1 implies that 100% of the CO2 (i.e., the 
amount of CO2 left in the limestone after Step 5) was lost. Only 
these weight loss values were considered in the further analysis 
within this study. 

Each experimental series (i.e., a set of experiments with a distinct 
combination of fixed experimental parameters) consisted of 7 experi
ments varying in experimental runtime (t = 0, 60, 150, 300, 600, 1200 
and 1800 s). 

Due to the (partial or complete) thermal decomposition of the car
bonates (i.e., the release of CO2), the relicts consist now mainly of CaO 
(and MgO in the case of dolomitic starting material). CaO and MgO are 
hygroscopic; therefore, the samples need very careful handling after the 
experiments, not exposing them to any water or humidity. Thus, the 
samples were inserted in a resin to preserve the status quo until the 
preparation for the scanning electron microscopy (SEM) analysis, for 
which a crosscut with a polished surface needed to be prepared. 

2.2.1. Limitations of the experimental procedure 
It needs to be pointed out that while this experimental procedure has 

its advantages for observing the decarbonation process very directly, it 

also has several limitations. These limitations regard mainly: i) the 
absence of water content in our melts, ii) the isothermal nature of our 
experiments and, iii) the insertion of cold experimental samples for the 
experimental run and the subsequently needed re-heating process of the 
experimental sample to the experimental temperature (i.e., Steps 5 and 6 
of the experimental procedure). 

Most importantly, since we used open crucibles to measure the 
decarbonation directly via weight loss of our experimental samples, we 
could only use dry melts in our experiments. The absence of water in our 
melts will slow down the clast dissolution process, as the diffusion of 
almost all major elements (including Ca and Mg) is strongly enhanced by 
the presence of H2O in the melt (Zhang et al., 2010; González-García 
et al., 2017). Thus, we would need to expect slowed down clast disso
lution in our experiments with dry melts. 

The second limitation regards the application of our results to natural 
systems, as we conducted isothermal experiments. Given the low tem
perature of wall-rocks during ingestion (100–500 ◦C; Sottili et al., 2010) 
in nature the assimilation of wall-rocks will consume energy (i.e., in 
form of heat) and effectively cool down the magma temperature, 
inducing crystallization which leads to an increase in magma viscosity. 
If the magma reaches the critical solid fraction of ~50% it undergoes a 
transition from a viscous liquid to a semi-rigid crystal network (Costa, 
2005; Glazner, 2007; Costa et al., 2009a), which ultimately causes 

Fig. 1. Comparison of the three different types of limestone used in the experiments: A) a dense Ca-rich limestone, texture (macroscopically and microscopically) and 
chemistry homogeneous, B) a microporous Ca-rich limestone, texture is macroscopically homogeneous but microscopically porous, chemistry is homogeneous, and 
C) a dolomitic limestone, texture is both macroscopically and microscopically heterogeneous and comprised of darker dolomitic areas (CaO vs. MgO = 65 to 35 wt%) 
and lighter Ca-rich areas (CaO vs. MgO = 99 to 1 wt%). The macroscopic images have a scale to their left, where 0–1 equals one centimetre. The microscopic images 
are SEM BSD images with the scale at the bottom of each picture. The CaO and MgO content (in Fig. 1C) is derived by Energy Dispersive Spectrometry (EDS) point 
analysis (conducted at the Department of Earth and Geoenvironmental Sciences of the University of Bari, Italy). 
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magma ascent to cease. This self-limiting effect of wall-rock assimilation 
has previously been described by Glazner (2007) for granitic wall-rocks 
(with a Twall-rock = 400 ◦C) being entrained into a basaltic melt at 
1125 ◦C, where 25% of granite are enough to cause the transition to a 
semi-rigid crystal network. To make our results applicable to nature we 
must be aware that we cannot assimilate infinite amounts of crustal 
material. Hence, in nature CO2 release and clast dissolution might cease 
during extensive crustal assimilation. 

The third limitation is connected to the quenching of the samples 
after inserting the limestone clasts to make the experiments at high and 
low temperature comparable (i.e., Step 5 of experimental procedure). 
For the experimental runs, we then proceeded to put the cold samples 
back in the oven, which was pre-heated to the experimental temperature 
(i.e., Step 6 of experimental procedure). In Fig. 3 we show the results of 

two approaches to determine the time for thermal re-equilibration of the 
sample to the experimental temperature. 

The first approach, the so-called lumped system analysis (“x”- 
curves), is a simplified theoretical approach in which the interior tem
perature of a body (here the alumina crucible) is assumed to remain 
uniform during heat transfer. The time needed to heat an object can then 
be calculated via the following equation: 

t =
( (

m*cp
)/

(A*h)
)* ln

( (
T0 − Texp

)/(
T1 − Texp

) )
(1) 

in which m is the mass, cp is the specific heat and A the surface area of 
the ceramic crucible (only considering the outer surface), h is the heat 
transfer coefficient, T0 is the Temperature of the ceramic crucible before 
inserting it in the oven, T1 is the temperature the crucible should be 
heated to and Texp is the temperature the oven is set to. The values for all 
variables are given in Table 2. 

The second approach was to measure the temperature directly with a 
thermocouple on top of the experimental sample (dotted curves). With 
this approach we could not measure with certainty the ceramic crucible 
but more likely measured the temperature of the air in its immediate 
surrounding (Fig. 3b). Therefore, the first approach can be seen as Fig. 2. The experimental procedure depicted in six main steps: A) The starting 

materials: dry glass shards in the ceramic crucible and the limestone clast, B) 
Uniform glass in the ceramic crucible after the first melting step, C) insertion of 
the carbonate clast into the melt, D) cooling the sample to room temperature 
and subsequent weighing of initial CO2 loss, E) putting sample back in the oven 
for experimental runs and F) final cooling of a sample after the experiment and 
final weighing for total CO2 loss of sample. The inner diameter of the ceramic 
crucible is 16 mm. 

Fig. 3. Re-heating of the experimental sample: a) two approaches to calculate the time the exp. sample needs to re-equilibrate to the temperature of the oven (950 ◦C 
in blue and 1230 ◦C in red): “x”-curves are values derived via the lumped system analysis and the dotted curves are derived via measurements with a thermocouple in 
the direct vicinity of the ceramic crucible. Time “0 s” here corresponds to when we started the experimental runtime (i.e., when the temperature within the oven was 
back at the experimental temperature after inserting the sample: ~25 s at 1230 ◦C and ~ 5 s at 950 ◦C (see Step 6 of experimental procedure)), while the re-heating of 
the sample was calculated/measured directly after inserting them in the oven (hence the negative starting times). b) schematic figure of the thermocouple approach. 
(For interpretation of the references to colour in this figure legend, the reader is referred to the web version of this article.) 

Table 2 
Parameters for lumped system analysis. *) Specific heat is taken from the ma
terial data sheet of the crucibles (Degussit AL23 of KYOCERA Fineceramics 
Solutions GmbH), **) Heat transfer coefficient between air and alumina crucible 
is T-dependent. Here we used the mean value calculated by Andersen et al. 
(2015) in the T interval 100–750 ◦C, ***) Since we cannot divide by zero in eq. 
(1) Texp needed to be set to a slightly higher value.  

Parameters for lumped system analysis     

mass of 
ceramic 
crucible 

m 0.0145 kg 
starting T of 
crucible T0 20 ◦C 

specific heat 
of crucible 
* 

cp 900 J/ 
kg*K 

T crucible 
needs to be 
heated to 

T1 
950 / 
1230 

◦C 

outer surface 
area of 
crucible 

A 0.004411 m2 T oven is set 
to *** 

Texp 
951 / 
1231 

◦C 

heat transfer 
coefficient 
** 

h 265 
W/ 
m2*K      
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optimistic, while the second one should be closer to the real conditions. 
Lastly, this experimental set-up does not allow for controlling the 

oxygen fugacity. 

2.3. Calculation of decarbonation timescale (τ) 

Since we used dry magmas and open crucibles, we could ascribe the 
weight loss to the CO2 that left the limestone sample. For all three types 
of limestones used in the experiments, the amount of CO2 theoretically 
present in every clast was determined via XRF-analysis, during which 
the loss on ignition (i.e., the weight loss due to heating and subsequent 
volatile release) was measured (Table 1). As explained in the method
ology section, there is an initial weight loss after inserting the limestone 
clasts into the magma. This initial loss is not regarded in the analysis but 
is nevertheless given for each series in Table 3. Consequently, the initial 
loss is subtracted from the theoretically available CO2 budget (as derived 
from XRF-analysis) and not considered in the results (Figs. 4–7). The 
remaining CO2 budget (after Step 5) was normalised to the maximum 
loss of CO2, where 1 indicates 100% loss. Each experimental series 
consisted of 7 experiments at varying experimental duration (0–1800 s). 
In Figs. 4–7, we plotted the CO2 loss fraction vs. the experimental run
time. The datapoints were fitted using a simple one-parameter sigmoidal 
function such as: 

F(t) = erf (t/τ) (2) 

in which erf is the error function, t is the experimental runtime (in 
seconds) and τ is the characteristic timescale of decarbonation (in sec
onds). The fitting equation is shown as a red dotted line within the plot 
of each series. The r2-value gives the goodness of the fit and is above 0.9 
in all experimental runs (Figs. 4–7). In order to account for the vari
ability of the experimental data, we considered a 10% confidence in
terval around the fitted line to account for the experimental errors (e.g., 
small residual amounts of H2O in magma, bubble bursts that ejected 
small amounts of material out of the crucible, inhomogeneities in the 
limestone clasts and hence small deviations from the LOI or simple 
weighing inaccuracies). 

2.4. Analytical methods (SEM) 

Scanning Electron Microscopy (SEM) images and data were acquired 
in the Department of Earth Geoenvironmental Sciences of the University 
of Bari using a SEM (LEO EVO-50XVP Zeiss, Cambridge, UK) coupled 
with an energy dispersive X-ray spectrometer (EDS; Oxford-Link Ge ISIS 
equipped with a SuperAtmosphere Thin Window©) for qualitative X-ray 
detection. 

The SEM investigation was carried out on polished and graphite- 
coated cross-sectional cuts of the experimental samples by counting 
Back Scattered Electrons (BSE). The parameters selected to perform the 

analysis were: 15 kV accelerating potential, 500 pA probe current and 
20 s counting time. For elemental composition analysis and chemical 
mapping, X-ray intensities obtained by the EDS spectrometer were 
converted to wt% of oxides by the ZAF4/FLS quantitative analysis 
software of Oxford-Link Analytical (UK). The accuracy of the analytical 
data was checked through standard minerals manufactured by Micro- 
Analysis Consultants Ltd. (UK). Analytical precision was 0.5% for con
centrations >15 wt%, 1% for concentrations of about 5 wt% and < 20% 
for concentrations near the detection limit, which depends on the 
considered element, but it is never below 1000 ppm (Caggiani et al., 
2015). 

For the SEM analysis, the samples were cut at the same height (~ the 
half). We chose to do the diffusion analysis from centre of the (ex-) 
limestone clast to the rims (i.e., towards the sides not the corners) and 
around 1 mm into the glass. The analysis along this line was conducted 
within small areas (to minimize eventual errors compared to point 
measurements) with a width of 30 μm (and height of 150 μm), and some 
(3–5) smaller areas directly at the glass – carbonate contact (same 
height, width of 10 μm). All samples (besides the 1200s-sample) of the 
VP01 experimental series (i.e., phonolitic melt, 1230 ◦C, dolomitic 
limestone and “large” clast size, Table 3) were chosen for the diffusion 
analysis to have a diffusion analysis over the whole range of experi
mental runtimes for one series. To check the influence of melt compo
sition and temperature on clast dissolution via diffusive transport of Ca 
and Mg from the limestone clast into the melt, we selected two samples 
(300 s and 1800 s) of the high temperature experimental series with 
basalt and ingested dolomitic limestone (EB02 series) and two samples 
of the low temperature (950 ◦C) experimental series with phonolitic 
melt and ingested dolomitic limestone (VP04 series). 

3. Results 

As indicated in the introduction, we divided the results of our car
bonate assimilation experiments into the observable and quantifiable 
sub-processes, namely limestone decarbonation and clast dissolution, 
following the nomenclature introduced by Knuever et al. (2022). 
Throughout the experimental sessions, we varied important parameters 
like temperature, limestone composition, magma composition, clast size 
and limestone texture. We conducted experiments with various combi
nations of these parameters to identify the influence of the single 
parameter on the timescales of limestone decarbonation and clast 
dissolution in carbonate assimilation at atmospheric pressure. The 
experimental results are summarized in Table 3. 

3.1. Limestone decarbonation 

During the first experimental runs, we tested the effect of tempera
ture and limestone composition (Fig. 4) at constant magma composition 

Table 3 
Table of all experimental series and their parameters. Each series comprises 7 experiments at increasing runtimes (0–1800 s) except for the porous Ca-rich limestone 
series, where the 1500 s experiment is missing. S/V: gives the surface to volume ratio and “large” clast size equals to a S/V of 9 mm− 1 and “small” clast size equals to S/ 
V of 11.33 mm− 1; T: gives the experimental temperature in this series; Initial loss of CO2: gives the loss of CO2 (in wt%) after inserting the carbonate clast into the melt 
but before the experiment (i.e., after Step 5); τ: gives the characteristic timescale (in s) of the decarbonation process for each series; WD: gives the width (in μm) of the 
diffusion-affected area around the ingested limestone clast.  

Exp. series number Type of magma Type of limestone S/V [mm− 1] T Initial Loss of CO2 τ [s] WD after 300 s [μm] WD after 1800 s [μm] 

VP01 VP Ca-rich 9 1230 ◦C 4% 232 – – 
VP02 VP dolomitic 9 1230 ◦C 32% 143 160 390 
VP03 VP Ca-rich 9 950 ◦C 5% 999 – – 
VP04 VP dolomitic 9 950 ◦C 33% 626 0 30 
VP05 VP dolomitic 11.33 1230 ◦C 40% 155 – – 
VP06 VP dolomitic 11.33 950 ◦C 40% 643 – – 
VP07 VP microporous Ca-rich 9 1230 ◦C 14% 219 – – 
VS01 VS Ca-rich 9 1230 ◦C 7% 245 – – 
VS02 VS dolomitic 9 1230 ◦C 37% 165 – – 
EB01 EB Ca-rich 9 1230 ◦C 8% 247 – – 
EB02 EB dolomitic 9 1230 ◦C 35% 163 200 680  
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(Somma-Vesuvius Phonolite) and clast size. For both high-temperature 
series, the characteristic timescale of decarbonation (τ) is below 240 s 
(down to 140 s), while in both low temperature series, the value of τ is 
above 600 s (up to 1000 s, or 16.6 min). It can also be seen that for both 
series with dolomitic limestones the values of τ are lower (143 s at 
1230 ◦C and 626 s at 950 ◦C) than for the series with Ca-rich limestone 
(232 s at 1230 ◦C and 999 s at 950 ◦C). 

To test the effect of magma composition and hence magma viscosity 
on CO2 release, we ran the same experiments at high temperature 
(1230 ◦C) with a basalt from Etna and a shoshonite from Vulcano (Eolian 
Islands, Italy). A comparison of the magma compositions and their 
respective viscosities at 1230 ◦C (by using the model of Giordano et al., 
2008) is given in Table 1. The experiments were carried out with both 
Ca-rich and dolomitic limestone clasts. The characteristic timescale of 
decarbonation (τ) varies only little with the three different magma 
compositions and is in the range of 230–250 s for the experiments with 
the dense Ca-rich limestone and in the range of 140–170 s for the 
dolomitic limestone (Fig. 5). 

The effect of the clast size on the decarbonation timescale was tested 
with the same experimental set-up at high (1230 ◦C) and low temper
ature (950 ◦C) and by using phonolite from Vesuvius. The decrease in 
clast size resulted in an increase in surface to volume ratio of about 25%. 
In the high-temperature experiments (Fig. 6 a&b), the values of τ are 
almost equivalent (143 s for the “large” clast size and 155 s for “small” 
clast size). Likewise, in the low-temperature experiments (Fig. 6 c&d), 
they are very similar (626 s for the “large” clast size and 643 s for the 
“small” clast size). It needs to be mentioned that the initial loss of CO2 
(which is disregarded within the diagrams) increases slightly with 
increasing surface to volume ratio (i.e., for the “smaller” clasts; Table 3). 

Lastly, the influence of limestone texture was tested with the same 
experimental set-up and at a temperature of 1230 ◦C. We used two Ca- 

rich limestones in these experiments, a dense one and a microporous 
one. For the dense Ca-rich limestone, the value of τ is 232 s and for the 
microporous one τ equals 219 s (Fig. 7 a&b, respectively). 

3.2. Clast dissolution 

A complete dissolution of the ingested carbonate clast was not 
observed in any of the experiments, not even in the longest lasting ex
periments (Figs. 8 & 9). The analysis of the extent of diffusive transport 
of Ca (and Mg in the case of dolomitic limestones) from the ingested 
limestone clast was conducted exemplarily for the whole VP02 experi
mental series (phonolitic melt and dolomitic limestones at 1230 ◦C) and 
then compared to selected experiments of the VP04 (phonolitic melt and 
dolomitic limestones at 950 ◦C) and EB02 experimental series (basaltic 
melt and dolomitic limestones at 1230 ◦C). The phonolitic starting melt 
contains about 4.5 wt% CaO and around 0.1 wt% MgO, while the 
basaltic starting melt contains around 10.8 wt% CaO and 6.3 wt% MgO 
(Table 1). Note that the varying concentrations of Ca and Mg in the 
dolomitic clast are due to its heterogeneous nature, hosting even pure 
calcite veins (Fig. 1). Hence, we decided to show the concentration plots 
once with Ca and Mg concentrations separated and once combined. 

The onset of Ca and Mg diffusion from the ingested clast into the 
phonolitic melt lies between the 150 s- and 300 s-experiment. In the 300 
s-experiments an increase in Ca and Mg in the glass due to diffusion is 
measurable in a ~ 160 μm wide area. The width of the diffusion affected 
area increases with experimental runtime to ~280 μm in the 600 s- 
experiment and to its maximum width of ~390 μm in the 1800s- 
experiment. 

Furthermore, to test effect of melt composition on the diffusion (or 
clast dissolution) two samples of the experimental series with basaltic 
melt, in which “large” sized dolomitic limestones were ingested at 

Fig. 4. CO2 mass loss fraction versus experimental runtime. On the y-axis, a value of 1 describes the maximum theoretical CO2 loss of the remaining CO2 (i.e., after 
the subtraction of initial loss (see Table 3)). In the graphs above we tested the influence of temperature (1230 ◦C in Fig. 4 a&c vs. 950 ◦C in Fig. 4 b&d) and the 
influence of limestone composition (dense Ca-rich in Fig. 4 a&b vs. dolomitic in Fig. 4 c&d). τ gives the characteristic timescale of decarbonation for each series 
derived from the fitted curve and the r2-value the goodness of the fit. 
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1230 ◦C were analysed. The choice for the 300 s- and 1800s-experiments 
of this series is due to it being the onset and the maximum extent of 
diffusion into the glass in the phonolitic series. Note that, both high 
temperature experimental series show the same timescale for decar
bonation (~150 s, Fig. 5), while the decarbonation in the low temper
ature experiments required more time (~630 s, Fig. 4). 

Ca and Mg diffusion from the ingested dolomitic clast into the pho
nolitic melt at 950 ◦C is absent in almost all our experiments (Fig. 9 
a&b); only in the longest lasting run (1800 s) a very slight increase in Ca 
is measurable in the first 30 μm of the glass directly at the glass – car
bonate interface. The decrease in Ca and Mg in the 1800s-experiment 
within the dolomitic clast near the interface is due to a relative in
crease in sulphur-concentration (up to 15 oxide wt%) and not due to 
decreases in Ca or Mg concentrations. The widths of the diffusion- 
affected areas around the ingested dolomitic clast in basaltic melts are 
~200 μm and ~ 680 μm (for experimental durations of 300 and 1800 s, 

respectively; Fig. 9 c&d). 

4. Discussion 

The experiments, conducted at atmospheric pressure and in open 
ceramic crucibles, are designed to be the opposite endmember to the 
existing short-term carbonate assimilation studies that were conducted 
at p-T conditions of the magma chamber or below (1200 ◦C, 0.5–1 GPa; 
Deegan et al., 2010; Jolis et al., 2013; Blythe et al., 2015). Their main 
results are summarized in Table 4. 

As discussed in Knuever et al. (2022), carbonate assimilation is not a 
single process, but a combination of several physical and chemical 
processes. Conversely to previous studies, we focused on the syn-erup
tive and hence short-term (timescale of minutes) decarbonation of 
ingested limestone clasts at the second endmember of the volcanic 
feeding system and thus conducted the experiments at atmospheric 

Fig. 5. CO2 mass loss fraction versus experimental runtime. On the y-axis, a value of 1 describes the maximum theoretical CO2 loss of the remaining CO2 (i.e., after 
the subtraction of initial loss (see Table 3)). Three different magmas were used to test the influence of magma composition and hence viscosity: Vesuvius Phonolite 
(Fig. 5 a&b), Vulcano Shoshonite (Fig. 5 c&d) and Etna Basalt (Fig. 5 e&f). τ gives the characteristic timescale of decarbonation for each series derived from the fitted 
curve and the r2-value the goodness of the fit. 
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pressure. Within this study, a broad range of parameters has been varied 
to identify their influence on the characteristic decarbonation timescale 
(τ), including temperature, limestone composition, magma composition 
(and hence magma viscosity), and the size (i.e., surface to volume ratio) 
of the ingested limestone clasts. In addition, some new findings on the 
dissolution process have been obtained, which due to the experimental 
set-up might be valid only in a very limited range of cases. 

The characteristic timescale of decarbonation (τ) was found to be 
mainly dependent on temperature and limestone composition (Fig. 4), 
with temperature causing the most pronounced difference of around 
factor 4.2–4.4 (between 950 ◦C and 1230 ◦C). The difference between 
Ca-rich and dolomitic limestone is not as pronounced but still significant 
and accounts for a factor of 1.5–1.6 in our experiments (Fig. 4). 

Furthermore, τ seems to be independent of or only slightly dependent on 
melt composition (Fig. 5) and limestone texture (Fig. 7) and, in our 
experiments, also clast size (Fig. 6). Our results are in agreement with 
previous decarbonation studies performed by Escardino et al. (2008) 
who have demonstrated the temperature dependence of the decarbon
ation rate already in experiments with calcite powders (without inter
action with a magmatic body). Furthermore, the syn-eruptive nature of 
the timescale of decarbonation (seconds to several minutes) is in 
agreement with previous experimental carbonate assimilation studies at 
deeper conditions (0.5 GPa; Deegan et al., 2010; Jolis et al., 2013; Blythe 
et al., 2015) and thermal re-equilibration modelling (Sottili et al., 2010; 
Freda et al., 2011; Buono et al., 2020; Carr et al., 2020). Conversely to 
our results, clast size is a parameter significantly impacting the timescale 

Fig. 6. CO2 mass loss fraction versus experimental runtime. On the y-axis, a value of 1 describes the maximum theoretical CO2 loss of the remaining CO2 (i.e., after 
the subtraction of initial loss (see Table 3)). Here we compare two different initial clast sizes, resulting in different surface to volume ratios: Fig. 6 a&c are “large” 
sized (s/v = 9 mm− 1), Fig. 6 b&d are “small” sized (s/v = 11,33 mm− 1). τ gives the characteristic timescale of decarbonation for each series derived from the fitted 
curve and the r2 -value the goodness of the fit. 

Fig. 7. CO2 mass loss fraction versus experimental runtime. On the y-axis, a value of 1 describes the maximum theoretical CO2 loss of the remaining CO2 (i.e., after 
the subtraction of initial loss (see Table 3)). Above we compare the effect of different limestone textures: a) dense and b) microporous Ca-rich limestone. τ gives the 
characteristic timescale of decarbonation for each series derived from the fitted curve and the r2 -value the goodness of the fit. 
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of thermal re-equilibration (Sottili et al., 2010; Freda et al., 2011; Buono 
et al., 2020; Carr et al., 2020). A possible explanation for this discrep
ancy could be that despite changing the surface-to-volume ratio from the 
“large” to the “small” clasts in our experiments, the “radius of the 
shortest axis” (i.e., the shortest line from the centre of the clast to one of 
its sides) did not change, since the minimum thickness remained 

unchanged (~5 mm). Hence, the change of clast size did not affect the 
decarbonation timescale in our experiments since the distance for 
thermal re-equilibaration remains the same for both clast sizes. In gen
eral, clast size should be considered a significant factor, as shown in 
previous studies (Sottili et al., 2010; Freda et al., 2011; Buono et al., 
2020; Carr et al., 2020). We speculate that the dependence on limestone 

Fig. 8. Diffusion profiles of Ca & Mg in our experimental samples of the VP02 series (1230 ◦C, phonolitic melt, dolomitic limestone, “large” sized clast). Fig. 8 a-e 
shows the profiles with increasing interaction time (from 60 to 1800 s). The y-axis gives the Ca- and Mg-concentrations in weight % of the oxides, on the x-axis the 
distance from the glass‑carbonate interface (red-dotted line) is given in mm. The green lines correspond to Mg-concentration, the blue lines to Ca-concentration and 
yellow line to combined Ca + Mg-concentrations. The diffusion-affected areas are highlighted as the grey areas. Note that the variable Ca- and Mg-concentrations are 
due to the heterogeneous nature of the dolomitic clast (as shown in Fig. 1). Fig. 8 f-j are the corresponding SEM-images in which the carbonate (C), the glass (G) and 
the lines corresponding to the diffusion measurement are given (red lines). The line within the carbonate is in between 1.8 and 2.1 mm in length, the line in the glass 
around 1 mm. (For interpretation of the references to colour in this figure legend, the reader is referred to the web version of this article.) 
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composition is the result of different onset temperatures of the decom
position reactions of Mg‑carbonates, CaMg‑carbonates and Ca‑car
bonates (~315 ◦C vs. ~538 ◦C vs. ~845 ◦C, respectively; Olszak- 
Humienik and Jablonski, 2015). This would also be in agreement with 
the thermal decomposition study on limestones by Marinoni et al. 
(2012), in which it was found that with increasing dolomitic content, the 
activation energy for the decomposition reaction is decreasing, leading 
to an earlier onset (i.e., at lower temperatures) of the decomposition 
reaction. Lastly, the melt composition and hence melt viscosity at 
1230 ◦C (values given in Table 1) did not affect the decarbonation 
timescale (τ) in our experiments since the decarbonation is concluded in 

all 3 melts within the same time (i.e., ~150 s for dolomitic limestones, 
~240 s for Ca-rich limestones; Fig. 5). In the previous short-term 
interaction studies at magma chamber level conditions (Deegan et al., 
2010; Jolis et al., 2013; Blythe et al., 2015) and also in longer lasting 
experimental studies (e.g., Iacono-Marziano et al., 2008; Carter and 
Dasgupta, 2016) an effect of melt viscosity on the carbonate assimilation 
process was observed. In these studies, the carbonate assimilation was 
observed to be one process in which decarbonation and clast dissolution 
take place simultaneously. Our results indicate that the decarbonation 
process of ingested limestone clasts is a purely thermal process, during 
which CO2 will be released due to heating of the limestone clasts above 

Fig. 9. Diffusion profiles of Ca & Mg in our experimental samples. Fig. 9 a&b show the diffusion profiles in the 300 s- and 1800s-experiments of the VP04 series 
(950 ◦C, phonolitic melt, dolomitic limestone, “large” sized clast), with the corresponding SEM-images to the right (Fig. 9 e&f). Fig. 9 c&d show the diffusion profiles 
in the 300 s- and 1800s-experiments of the EB02 series (1230 ◦C, basaltic melt, dolomitic limestone, “large” sized clast), with the corresponding SEM-images to the 
right (Fig. 9 g&h). The y-axis gives the Ca- and Mg-concentrations in weight % of the oxides, on the x-axis the distance from the glass‑carbonate interface (red-dotted 
line) is given in mm. The green lines correspond to Mg-concentration, the blue lines to Ca-concentration and yellow line to combined Ca + Mg-concentrations. The 
diffusion-affected areas are highlighted as the grey areas. Note that the variable Ca- and Mg-concentrations are due to the heterogeneous nature of the dolomitic clast 
(as shown in Fig. 1). In the SEM-images (Fig. 9 e-h) the carbonate (C), the glass (G) and the lines corresponding to the diffusion measurement (red lines) are given. 
The length of this line within the carbonate is in between 1.8 and 2.1 mm in length, the line in the glass around 1 mm. (For interpretation of the references to colour 
in this figure legend, the reader is referred to the web version of this article.) 
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their crystallographic stability. The magma acts only as heat source and 
its compositions, and hence its viscosity, has no further influence on the 
decarbonation rate. 

The second process within carbonate assimilation, the chemical 
dissolution of the ingested clast via diffusion, has been measured along 
traverses from clast core into the glass by SEM analytical technique. In 
our experiments at 1230 ◦C Ca and Mg diffusion into the glass was first 
observed in the 300 s-experiments (Fig. 8), mostly due to the ingestion of 
the clast, during which we deformed the melt, creating voids around the 
clast, which inhibited direct contact of melt and ingested clast for a large 
part of the clasts surface. Once the melt relaxes (depending on melt 
viscosity), direct contact between clast and melt can be achieved and 
diffusion starts. In experiments at 950 ◦C in phonolitic melt, a relaxation 
of the melt around the clast was not achieved within the longest 
experimental duration, thus elemental diffusion was very restricted or 
absent. At higher temperature (i.e., at 1230 ◦C) both basaltic and pho
nolitic melts clearly show Ca and Mg diffusion into the melts for 
experimental durations ≥300 s. As expected, the width of the diffusion- 
affected area around the ingested clast increases with experimental 
runtime, but, considering melt composition, it is larger in the basaltic 
melt (WD + 25% in 300 s-experiment and + 75% in 1800s-experiment). 
The general trend of more effective diffusion of Ca and Mg in lower 
viscosity melts in our experiments at atmospheric pressure is in agree
ment with numerous diffusion studies (e.g., Zhang et al., 2010 and ref
erences therein) and with the short-term magma‑carbonate interaction 
study with applied pressure of Blythe et al. (2015). Contrarily to pre
vious short-term interaction studies, in which the carbonate clast was 
completely dissolved within 270 s (Deegan et al., 2010; Jolis et al., 2013; 
Blythe et al., 2015), it remains macroscopically intact in our experi
ments even in the 1800s-experiments (Figs. 8 & 9). 

Due to the limitations of our experimental approach (see Chapter 
2.2.1) the interpretation of our dissolution results is not straightforward 
and a comparison to the previous experimental studies not possible. The 
absence of other dissolved volatile phases (like H2O) in the magma, 
which enhance elemental diffusion (Zhang et al., 2010; González-García 
et al., 2017), slowed down the diffusion and therefore the dissolution 
process in our experiments. Deegan et al. (2010) conducted a series of 
experiments with hydrous and anhydrous glasses each and found the 
clast dissolution to be completed much earlier in hydrous melt experi
ments (90 s vs. 300 s). Still also in the anhydrous melt the limestone clast 
was completely dissolved within 300 s. Hence further processes and 
parameters need to be considered for the absence of complete limestone 
dissolution in our experiments (even after 1800 s, Figs. 8 & 9). 

One major point regards the state of the magma (solid or liquid) in 
our experiments since we inserted the crucibles cold into the oven. In 
Fig. 3 we tried to measure and calculate theoretically the time needed to 
re-heat the crucibles. While the theoretical calculation makes some 

strong assumptions (constant cp and h, uniform heating) its results (71 s 
to 950 ◦C and 54 s to 1230 ◦C, both times after start of experimental 
runtimes) need to be seen as very optimistic. More reasonable results 
were obtained with the thermocouple measurements (340 s to 950 ◦C 
and 175 s to 1230 ◦C, both times after start of experimental runtimes), 
but also these cannot account for the time needed to melt the glasses. At 
least, we can be confident that after 300 s for all experiments at 1230 ◦C 
a liquid state of the magma was achieved since the void between the 
limestone clast and the melt was closed and a direct contact between 
them established (Figs. 8 & 9). At this point the decarbonation process 
was already concluded (for both Ca-rich and dolomitic limestone and 
also for all magma compositions, Fig. 5) and CO2 has very likely not 
permeated the melt in our experiments. This is a major difference to the 
closed system piston cylinder experiments of previous studies where the 
outwards movement of the bubbles was a main driver for enhanced 
mixing and mingling and hence for clast dissolution (Blythe et al., 2015). 

Another major difference is the absence of pressure in our experi
ments, which might affect the dissolution timescale. In general, pressure 
is described as diffusion inhibiting (e.g., Watson, 1981; Zhang et al., 
2010) which we would lead us to assume faster diffusion (and hence fast 
clast dissolution in lower pressure settings). There was, however, no 
perceivable change in the experimental results in a previous study in 
which experiments have been conducted at 0.5 and 1 GPa (Deegan et al., 
2010). Also at 0.15 GPa the dissolution of the large carbonate compo
nent in magma-shale interaction experiments was completed rapidly (<
600 s, Deegan et al., 2022). From this few datapoints no clear de
pendency on pressure can be stipulated and further experiments at 
systematically varied pressures (0.1 MPa < P < 0.5 GPa) are needed to 
infer low-P rates of limestone dissolution. 

Despite these limitations some important conclusions for limestone 
dissolution can be drawn from our experiments. To date, carbonate 
assimilation was observed to be only one process in which decarbon
ation and clast dissolution take place simultaneously. Our results show 
that at least for magma limestone interactions with the above- 
mentioned limitations the decarbonation and the clast dissolution act 
on two different timescales. In the absence of volatile phases, either 
dissolved or as free gas phase, the clast dissolution rates decline signif
icantly compared to previous experiments leading to an incomplete 
dissolution even after 1800 s (i.e., Figs. 8 & 9 with t > 300 s). This 
highlights the previously found importance of magma composition and 
especially H2O-content for the dissolution process (Deegan et al., 2010; 
Blythe et al., 2015). The absence of diffusion in the low temperature and 
the short-duration (t < 300 s) experiments highlights the importance of 
having a contact interface between the melt and the limestone clast. 

4.1. Carbonate assimilation in the volcanic feeding system 

Taking into account all the above considerations, we can make some 
qualitative assumptions on carbonate assimilation throughout the whole 
volcanic feeding system. The timescale of decarbonation of an ingested 
carbonate-bearing wall-rock, as expected, will mainly depend on tem
perature (at constant wall-rock composition) and not on the depth 
(hence, pressure) of the ingestion, as shown by the very similar time
scales of decarbonation in this study (at atmospheric pressure) and in 
previous studies at 0.5 GPa (Deegan et al., 2010; Jolis et al., 2013; Blythe 
et al., 2015). The decarbonation process is also independent of melt 
composition, as shown in our experiments with phonolitic, shoshonitic, 
and basaltic melt composition (Fig. 5). La Spina et al. (2015) showed by 
numerical modelling, that the temperature during basaltic magma 
ascent initially decreases due to adiabatic cooling caused by gas 
expansion, but in even shallower settings might be increasing due to the 
release of latent heat from crystallization. Both processes together result 
in no major effect on the temperature (i.e., ±20 K variation) throughout 
the volcanic feeding system. This model does not consider wall-rock 
assimilation, which would consume energy, reduce the melt tempera
ture significantly, inducing crystallization and increasing viscosity (e.g., 

Table 4 
Summary of the main results of previous short-term magma carbonate interac
tion experiments at magma chamber conditions.  

Main Results of previous short-term magma carbonate interaction studies 
(Deegan et al., 2010; Jolis et al., 2013; Blythe et al., 2015) 

Conditions 
1200 ◦C, 0.5 GPa, sealed Pt capsules in piston cylinder 
apparatus, carbonate clast size: cubes with ≤3 mm side 
length, 0–300 s duration 

Decarbonation 
Timescale Due to exp. set-up not measurable separately 

Clast Dissolution 
Timescale 

in dry basaltic andesite: 270–300 s 
in hydrous basaltic andesite (2 wt% H2O): 90 s 
in hydrous shoshonite (2 wt% H2O): 0 s, i.e. during 
experimental heat-up 

Main Controlling 
Parameter 

Melt viscosity, H2O-content and interaction time 

Effect of H2O Faster clast dissolution due to reduced viscosity 
Effect of P (0.5–1.0 

GPa) No measurable difference in clast dissolution timescale  
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Glazner, 2007). However, large amounts of limestone xenoliths (up to 
~30 wt% in very proximal deposits, up to ~16 wt% in distal deposits) 
are found for example in the pumice deposits of the Plinian phase of the 
Pomici di Avellino eruption (EU3) of Somma-Vesuvius (Sulpizio et al., 
2010). These limestones are usually situated in large bubbles within the 
pumices, which most likely prevented their chemical dissolution and a 
strong cooling effect on the magma. On the other hand, decarbonation 
seems to have occurred, forming the bubble around the limestone xe
noliths. Anyway, the timescale of decarbonation will remain in syn- 
eruptive timescale, as evidenced by the highest value of τ of ~1000 s (or 
16.5 min) in our 950 ◦C-experiments (Fig. 4). This implies that the 
decarbonation of ingested carbonate-bearing wall-rocks will happen 
syn-eruptively and independently of melt composition and depth of 
ingestion, and hence needs to be considered as syn-eruptive volatile 
source throughout the whole volcanic feeding system. 

The timescale of clast dissolution within the volcanic feeding system 
is mainly dependent on magma composition, H2O-content of the melt, 
clast size and interaction time (Deegan et al., 2010; Jolis et al., 2013; 
Blythe et al., 2015; Carter and Dasgupta, 2016; this study). Our results 
indicate that also the presence of a contact surface between melt and 
limestone clast, which might be absent in near-surface settings in nature 
due to already fragmenting magma or in deeper settings due to the 
formation of a CO2 bubble around the limestone xenolith, is of impor
tance. A dependence on pressure could not be resolved with this 
experimental approach and needs to be included in future studies with 
systematically varied p-conditions, H2O-contents, temperatures and 
melt compositions which are needed to resolve the timescale of clast 
dissolution within the volcanic feeding system. 

In summary, at depth (magma chamber level with P ~ 0.5 GPa and T 
~ 1200 ◦C) clast dissolution and decarbonation seem to have the same 
or a very similar timescale. Towards Earth’s surface the decarbonation 
rate will decrease due to the decreasing temperature of the magmatic 
mixture during ascent, which is amplified when assimilating wall-rocks 
on the way. The evolution of the clast dissolution timescale is rather 
unclear even so the lone datapoints of Deegan et al. (2022) for inter
mediate depths (i.e., pressure of 0.15 GPa) indicate no large changes in 
dissolution rate at constant temperature, H2O-content and melt 
composition. We speculate that during ascent (i.e., when magma tem
perature decreases, viscosity increases and interaction time decreases) 
the clast dissolution rate will decelerate. But more experiments are 
needed to confirm this speculation. 

4.2. Some implications for eruption dynamics 

Transit time of magma within the feeding dyke during effusive 
(excluding lava dome formation) and explosive eruptions may well be in 
the order of minutes to tens of minutes (Humphreys et al., 2008; Castro 
and Dingwell, 2009; Costa et al., 2009b; Denis et al., 2013; Lloyd et al., 
2014; Moussallam et al., 2019). This timescale of eruptive processes 
perfectly fits with the timescale of decarbonation in our and previous 
experiments, and it obliges to discuss some general feedbacks that 
interaction of rising magma with carbonate rocks can produce 
throughout the volcanic feeding system. Here, we focus especially on the 
effects of syn-eruptive decarbonation of the ingested limestone wall- 
rocks. We note again that this process has its limits. The thermal en
ergy needed to heat the limestones above their crystallographic stability 
and to induce their breakdown (i.e., the release of CO2) is derived from 
the magmatic body and therefore will lead to a cooling of the magma. A 
decreasing magma temperature will decelerate, or during extensive 
carbonate assimilation might even terminate, carbonate assimilation 
rate and/or magma ascent. In the following we assume carbonate 
assimilation remains within these limits. 

Since CO2 solubility, independently of magma composition, is close 
to zero at shallow depth (Mysen et al., 1975; Lowenstern, 2001; 
Botcharnikov et al., 2005; Vetere et al., 2011, 2014; Russell et al., 2012) 
virtually all of the CO2 will form bubbles. Injection of volatiles into the 

magmatic mixture increases its buoyancy and driving pressure P0 
(Gudmundsson, 2012): 

P0 = (ρr − ρm) • g • h+ σ +Rf (3) 

where ρr is the country rock density, ρm is the magma density, g is the 
gravity acceleration, h is the height of magma column, σ is the local 
stress acting perpendicular to the dyke, and Rf is the viscous resistance. 
The change in driving pressure influences the magma rising velocity (u) 
and momentum: 

ρm • u • (du/dz) = − ρm • g–ρm • u2 • Rf –(dP0/dz) (4) 

From eq. (4), it is evident how the shear rate (du/dz) critically de
pends on the pressure rate (dP0/dz), and how any increase in the latter at 
equal magma column and conduit geometry (i.e., invariant weight and 
friction) produces an increase in shear rate that may cause to overpass 
the fragmentation threshold of the magma, following Maxwell’s equa
tion (Papale, 1999): 

du/dz > k • (G∞/m) (5) 

where k is a constant, G∞ is the shear modulus at infinite frequency, 
and m is the viscosity. Relating these considerations back to mag
ma‑carbonate interactions in the volcanic feeding system, they imply 
that with the release of CO2 and thus the decrease of the density of the 
magma-volatile mixture, the driving pressure of an eruption will in
crease, leading to faster magma ascent. Depending on the amount of CO2 
released into the magma, short term magma‑carbonate interaction at 
shallow depths thus can strongly change the eruption dynamics, 
favouring eruptive style transitions (i.e., effusive to explosive) or pro
longing the life of sustained explosive phases. To precisely assess which 
amount of carbonate assimilation may induce changes in eruptive style 
is beyond the scope of this paper and calls for further investigation. La 
Spina et al. (2022) conducted numerical modelling on the role of vola
tiles during basaltic magma ascent with excess volatile phases (CO2 and 
H2O). If the “excess” CO2 is already pre-eruptively present in the melt it 
increases viscosity (due to higher crystal content and overall lower 
dissolved volatile phases), which balances the higher buoyancy and 
leads to a weaker correlation of CO2 content and magma ascent rate. If 
the CO2 is added from an external source, the increase in pressure 
resulting from adding CO2 produces sufficient driving force to increase 
the mass eruption rate by one order of magnitude. According to their 
model the eruptive style would then change from highly explosive 
behaviour to lava fountaining. La Spina et al. (2022) conclude that if the 
volatiles cannot decouple efficiently from the melt at shallow depths 
(<6 km), due to higher magma viscosity, the magma is more likely to 
fragment and produce highly explosive eruptions even at low H2O- 
contents. In any case, it is worth noting how Sottili et al. (2017) argued 
that the anomalous explosive behaviour of mafic high-K magmas is due 
to the syn-eruptive assimilation of carbonate wall-rock, and how Freda 
et al. (2011) introduced the idea of carbonate assimilation being the 
cause for a transition from effusive to explosive eruptive style. Finally, 
Massaro et al. (2018) and Pappalardo et al. (2018) suggested that the 
Plinian phases of the Pomici di Avellino and Pomici di Base eruption 
(respectively) at Somma-Vesuvius were prolonged by carbonate assim
ilation in the final part of the magmatic phase, due to the surplus of 
volatile supply to the magma. All these pieces of evidence highlight how 
magma‑carbonate interaction needs to be considered in order to better 
understand the physics of eruptions from volcanoes residing on shallow 
carbonate bedrock. 

5. Conclusions 

The novel experimental approach used in this study allowed for 
detailed investigation of the decarbonation during syn-eruptive car
bonate assimilation in near-surface settings and especially how its 
timescale is dependent on experimental parameters. Additionally, it 
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allowed for some limited statements on the clast dissolution process and 
its respective controlling parameters. By combining the results of our 
study with existing literature data, we could, for the first time, make 
some qualitative statements about syn-eruptive carbonate assimilation 
within the feeding dyke of an eruption. 

The timescale of decarbonation was found to be mainly dependent 
on temperature and limestone composition and independent of melt 
composition. The magma acts only as heat source and the decarbonation 
timescale remains syn-eruptive (max. 16.5 min) throughout the studied 
1230–950 ◦C temperature interval. This is an important finding for 
natural systems in which the temperature of the magma decreases 
during ascent and with increasing quantities of assimilated wall-rock. 
The liberated CO2 from limestone decarbonation after ingestion in a 
magma will form an additional free volatile phase since CO2 solubility is 
close to zero at shallow depths (e.g., Lowenstern, 2001). Simplified 
considerations show how injected volatiles increase the buoyancy and 
ascent velocity of a magmatic mixture (Gudmundsson, 2012). The 
externally derived “excess” CO2 may increase the driving pressure of an 
eruption, leading to larger mass eruption rate (La Spina et al., 2022), 
which might be realized by a prolonged eruption duration as suggested 
by Massaro et al. (2018) and Pappalardo et al. (2018) for the Plinian 
phases of the Pomici di Avellino and Pomici di Base eruptions of Somma- 
Vesuvius, respectively. Depending on the efficiency of the decoupling of 
the volatile phases from the melt at shallow depths (<6 km), hence 
depending on melt viscosity, the increased volatile budget may lead to 
highly explosive eruptions or lava fountaining (La Spina et al., 2022). 

On the other hand, the clast dissolution process in our experiments is 
mainly dependent on melt composition, with more silica-undersaturated 
melt compositions allowing for more extensive clast dissolution. Though 
difficult to compare the two experimental procedures in terms of clast 
dissolution, it is evident that in absence of a dissolved volatile phase and 
hence at higher melt viscosities the dissolution process via diffusion is 
strongly decelerated (Deegan et al., 2010; Zhang et al., 2010; Blythe 
et al., 2015; this study). Besides the melt composition, its H2O-content 
and interaction time, a seemingly trivial but nevertheless important 
requirement for clast dissolution is the establishment of a contact sur
face between melt and ingested limestone clast. In nature the formation 
of CO2 bubbles, especially in higher viscosity melts, around the ingested 
limestone clast might prevent the formation of a large contact surface 
between melt and limestone clast. This process might explain the large 
quantities of limestone xenoliths (up to ~30 wt%) in the pumice de
posits of the Pomici di Avellino Plinian phase (Sulpizio et al., 2010), 
since energy in form of heat of the magma was only consumed to 
decompose the limestone clast but not to chemically dissolve it. 

These considerations highlight the need for magma-limestone 
interaction experiments with systematically varied pressure between 
atmospheric conditions and 0.5 GPa and the need to generally consider 
shallow syn-eruptive magma wall-rock interactions in magma ascent 
modelling, especially if the volcanic systems are underlain by bedrocks 
that are able to release volatile phases. 
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